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Abstract Hyperextension of continental crust at the Deep Galicia riftedmargin in the North Atlantic has been
accommodated by the rotation of continental fault blocks, which are underlain by the S reﬂector, an interpreted
detachment fault, alongwhich exhumed and serpentinizedmantle peridotite is observed. West of these features,
the enigmatic Peridotite Ridge has been inferred to delimit the western extent of the continent-ocean transition.
An outstanding question at this margin is where oceanic crust begins, with little existing data to constrain this
boundary and a lack of clear seaﬂoor spreadingmagnetic anomalies. Here we present results from a 160 km long
wide-angle seismic proﬁle (Western Extension 1). Travel time tomography models of the crustal compressional
velocity structure reveal highly thinned and rotated crustal blocks separated from the underlying mantle by the
S reﬂector. The S reﬂector correlates with the 6.0–7.0 kms1 velocity contours, corresponding to peridotite
serpentinization of 60–30%, respectively. West of the Peridotite Ridge, shallow and sparse Moho reﬂections
indicate the earliest formation of an anomalously thin oceanic crustal layer, which increases in thickness from
~0.5 km at ~20 km west of the Peridotite Ridge to ~1.5 km, 35 km further west. P wave velocities increase
smoothly and rapidly below top basement, to a depth of 2.8–3.5 km, with an average velocity gradient of 1.0 s1.
Below this, velocities slowly increase toward typical mantle velocities. Such a downward increase into mantle
velocities is interpreted as decreasing serpentinization of mantle rock with depth.
1. Introduction
Rifted continental margins are delimited by the continent-ocean transition (COT), a zone separating unex-
tended continental crust and unambiguous oceanic crust. The present-day morphology of the crust and
mantle in these areas gives insight into the extensional processes which lead to the failure of continental
crust and the onset of seaﬂoor spreading [Buck, 1991]. To understand these processes, it is critical to image
structural deformation within COT and deﬁne both its inner and outer extents. Many studies of late-stage rift
processes and deformation structures have been conducted at ultraslow extending margins, where geophy-
sical imaging is not impeded by voluminous magmatic processes [e.g., Whitmarsh et al., 1996; Dean et al.,
2000; Zelt et al., 2003; Van Avendonk et al., 2006]. However, ultraslow extensionmargins pose a challenge, with
lowmagma supply resulting in wide transitional zones suggested to comprise of either exhumed and serpen-
tinized upper mantle materials, or anomalously thin oceanic crust underlain by serpentinized mantle, which
can be difﬁcult to discriminate without physical sampling [Van Avendonk et al., 2006]. Wide-angle seismic
studies of zones of exhumed continental mantle have shown that seismic velocities rapidly increase to
~7.6 km s1 within a few kilometers of top basement [Minshull, 2009]. These velocities are too high to be
explained by magmatic underplating at such shallow depths and are better explained by seawater penetrat-
ing and serpentinizing the unroofed mantle peridotite [Christensen, 2004]. However, velocities also increase
rapidly to >7.6 km s1, within a few kilometers of top basement, in areas of anomalously thin oceanic crust
[Mutter and Mutter, 1993; Funck et al., 2003]. These two basement types are sometimes distinguished from
one another by the presence of, frequently weak, Moho reﬂections and seaﬂoor spreading magnetic anoma-
lies, which are attributed to the presence of oceanic crust [Sibuet et al., 1995; Pickup et al., 1996].
Wheremantle exhumation is observed before the onset of normal seaﬂoor spreading, the process responsible for
the switch frommantle exhumation to seaﬂoor spreading is currently poorly understood. However, observations
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and numerical modeling of magma-poor rift margins have shown that the extension rate may have an inﬂuence
on the generation of magmatic melt and/or the exhumation of mantle materials [e.g., Bown and White, 1995;
Minshull et al., 2001; Pérez-Gussinyé, 2013]. Exhumation of mantle occurs at ultraslow extension rates of
<10mm/yr (<~6.4mm/yr in most observed data), while extension/spreading half-rates of>10mm/yr promote
the generation of magmatic melt, which may be sufﬁcient to accrete oceanic crust [Pérez-Gussinyé et al., 2006;
Sibuet et al., 2007; Pérez-Gussinyé, 2013].
The Iberia-Newfoundland conjugate rifted margin is considered the archetype of magma-poor rift margins;
the COT at the Iberia margin is characterized by extreme thinning of the crust (continental hyperextension),
detachment faulting, and the exhumation of continental mantle materials over wide areas [Whitmarsh et al.,
2001a; Pérez-Gussinyé, 2013; Peron-Pinvidic et al., 2013; Minshull et al., 2014]. At the conjugate Newfoundland
margin the COT is much narrower [e.g., Hopper et al., 2004; Shillington et al., 2006; Van Avendonk et al., 2006;
Van Avendonk et al., 2009]. Zones of mantle exhumation are observed within COT on both conjugate margins,
landward of unequivocal oceanic crust [e.g., Dean et al., 2000; Van Avendonk et al., 2006].
Geophysical studies at the Deep Galicia margin have documented comprehensively the progressive exten-
sion, deformation, and thinning of the continental crust, but no survey has extended far enough oceanward
to positively identify unequivocal oceanic crust, leaving the oceanward extent of the COT undetermined.
Sibuet et al. [1995] inferred the presence of thin oceanic crust west of the Peridotite Ridge from magnetic mod-
eling that implied the presence of high magnetizations (5A/m). Whitmarsh et al. [1996] used sparsely sampled
reﬂection and refraction data to infer the presence of an anomalously thin oceanic crust (2.5–3.5 km thick),
underlain by a serpentinized peridotite body, directly west of the Peridotite Ridge, and oceanic crust of normal
thickness (7 km) around 20 kmoceanward. Recently,Dean et al. [2015] interpreted newmultichannel seismic data
west of the Peridotite Ridge. Based on basement morphology, these authors identiﬁed ﬁve ridge-like structures
and propose that these structures formed through a combination of processes, starting with the continued
exhumation of mantle material, transitioning to episodic volcanism which produced thin oceanic crust and the
exhumation of oceanic core complexes [Dean et al., 2015]. Much remains to be understood about the nature
of transitional crust in these distal zones of ultraslow extending/spreading margins, the deformation processes
which bring mantle to the seaﬂoor, and the processes which control the eventual onset of seaﬂoor spreading.
This paper presents new wide-angle seismic data, coincident with the multichannel seismic images of Dean
et al. [2015]. These data extend approximately 90 kmwest of the Peridotite Ridge and reveal new insights into
the nature of the basement within the COT at the Deep Galicia margin.
2. Tectonic Setting
The Iberia-Newfoundland ultraslow spreading rift system is responsible for the opening of the North Atlantic
Ocean. Rifting at this margin occurred in two primary phases, the earliest occurred in the Late Triassic–Early
Jurassic [Pérez-Gussinyé et al., 2003; Tucholke et al., 2007; Mohn et al., 2015]. Magnetic anomaly modeling and
stratigraphic records show that rifting progressed from south to north [Masson and Miles, 1984; Whitmarsh
and Miles, 1995; Mohn et al., 2015]. During the ﬁrst rifting phase, several fault-bound rift basins were formed
in pure-shear environments on the proximal margins of the rift system (e.g., Lusitanian, Porto, and Galicia
Interior basins) [Murillas et al., 1990; Péron-Pinvidic et al., 2007; Tucholke et al., 2007]. A second major episode
of rifting initiated in the Late Jurassic–Early Cretaceous. During this period of extension, thinning and deforma-
tion of the continental lithosphere shifted from a broad region to focused areas at the distal margins, where the
continental crust would eventually rupture [Tucholke et al., 2007; Mohn et al., 2015]. Extension focused on the
future Iberian distal margin and resulted in the continental crust thinning to less than 10km. In its entirety, this
thinning occurred over distances of 100–200 km [Reston, 2009]. Conversely, at the conjugate Newfoundland
margin, thinning was abrupt, focused over a distance of ~50km, and is suggested to give rise to the asymmetric
rift geometry [Hopper et al., 2004; Van Avendonk et al., 2006, 2009]. Some authors have suggested that this struc-
tural asymmetry may be exaggerated by the ﬁnal line of continental breakup, leaving the bulk of thinned crust
on the Iberian margin [Reston, 2009, 2010].
Focused extension and embrittlement of the continental crust on the Iberian margin led to the formation of
concave downward detachment faults which exhumed mantle rock to the seaﬂoor [Whitmarsh et al., 2001b;
Lavier and Manatschal, 2006; Péron-Pinvidic et al., 2007; Reston, 2007a]. Initial seaﬂoor half-spreading rates are
calculated to be 7mm/yr, and it is proposed that this ultraslow rate has resulted in either the exhumation of
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large areas of mantle materials or anomalously thin oceanic crust [Whitmarsh et al., 1996; Dean et al., 2000;
Srivastava et al., 2000; Hopper et al., 2004; Shillington et al., 2006; Van Avendonk et al., 2006; Pérez-Gussinyé,
2013]. Timing of the eventual continental breakup and the onset of seaﬂoor spreading between Iberia and
Newfoundland are still widely debated and vary along the margin [Peron-Pinvidic et al., 2013]. In the southern
Iberia Abyssal Plain, Dean et al. [2000] used seismic refraction and reﬂection data to identify the earliest oceanic
crust, corresponding to the M3 magnetic anomaly (~130Ma). Consistent with this interpretation, Russell and
Whitmarsh [2003] interpreted the M3 anomaly to be the ﬁrst widespread seaﬂoor magnetic anomaly.
However, Integrated Ocean Drilling Program (IODP) drilling in the southern Iberia Abyssal Plain, and the conju-
gate Newfoundland margin, revealed the presence of serpentinized mantle peridotite at or seaward of the M3
magnetic anomaly [Whitmarsh et al., 2001b; Tucholke and Sibuet, 2007]. Sibuet et al. [2007] attributes these linear
anomalies to the ability of serpentinites to recordmagnetic reversals.Minshull et al. [2014] revisited seismic con-
straints in the southern Iberia Abyssal Plain and assigned an age of 125–127Ma to the earliest oceanic crust.
Typically, the onset of oceanic spreading can be identiﬁed by the ﬁrst magnetic ﬁeld reversal (isochron)
recorded by the earliest oceanic crust. However, the late stages of continental extension and the eventual
breakup of the continent, at the Iberia-Newfoundlandmargin, occurred during the Cretaceous constant polarity
interval (121–83Ma), resulting in a lack of strong magnetic reversals which would enable the clear identiﬁcation
of oceanic crust [Bronner et al., 2011; Granot et al., 2012]. The J anomaly is the most prominent magnetic anom-
aly observed within the COT at both the Iberia and Newfoundland margins (Figure 1b). This anomaly is inter-
preted as the beginning of the M sequence of seaﬂoor spreading anomalies (M0–M3) or alternatively as the
result of a pulse of magmatism that led to continental breakup before seaﬂoor spreading [Sibuet et al., 2007;
Bronner et al., 2011]. The J anomaly is well deﬁned in the southern Iberia Abyssal Plain, but rapidly decreases
in amplitude north of the Iberian Atlantic margin seismic experiment line 9 (IAM-9), and is not observed at
the Deep Galicia margin.
In the Southern Iberia Abyssal Plain (Figure 1b), south of the Deep Galicia margin, wide-angle seismic data
(Figure 1b) reveal a very broad continent-ocean transition, which possesses an ~190 km wide zone of
exhumed mantle between extended continental crust and the onset of anomalously thin oceanic crust
[Dean et al., 2000; Minshull et al., 2014]. The Studies of Continental Rifting and Extension on the Eastern
Canadian Shelf (SCREECH) seismic experiment (Figure 1a) has also revealed the presence of exhumed mantle
at the eastern margin of the Grand Banks, the direct conjugate margin to the southern Iberia Abyssal Plain
[Van Avendonk et al., 2006]. The zones of exhumed continental mantle observed at the Grand Banks margin
are found to be varied in width, 80 km on SCREECH line 3 and ~25 km on SCREECH line 2, to the north
[Shillington et al., 2006; Van Avendonk et al., 2006]. Both of these margins have been sampled by drilling: at
the Newfoundland margin by Ocean Drilling Program (ODP) leg 210 (Figure 1a inset) [Tucholke et al., 2004]
and at the Iberia margin by ODP legs 149 and 173 (Figures 1b and 1c) [Sawyer et al., 1994; Whitmarsh et al.,
1998]. Sites from these drilling expeditions are situated within the COT at each margin, and many sites recov-
ered serpentinized mantle peridotite. Sites 1277 and 1070 were drilled on outer highs, at the oceanward limit
of the COT at the Newfoundland and Iberia margins, respectively, and recover exhumed mantle interspersed
with intrusive maﬁc material.
At the Deep Galicia margin, continued extension of the continental lithosphere was accommodated by a
complex pattern of faulting, resulting in extreme crustal thinning from ~30 km to just a few kilometers over
distances of 100–200 km [Reston, 2009]. Initial extension is inferred to have been accommodated on high-
angle normal faults, forming large rotated fault blocks (10–20 km wide) where the crust was between 20
and 30 km thickness [Ranero and Pérez-Gussinyé, 2010]. How continued extension was accommodated by
fault structures is still debated, with sequential and polyphase faulting being the two primary mechanisms
proposed [Ranero and Pérez-Gussinyé, 2010; Reston and McDermott, 2014]. The latter authors propose that
with continued extension, blocks of continental crust, bound by normal faults, were rotated to low angles
to a point where the faults locked up, and new preferentially oriented faults were cut through the existing
faults and fault blocks [Reston, 2007b; Reston and McDermott, 2014]. In the sequential faulting mechanism,
continued extension either reactivated existing faults, rotating them to lower angles, or cut new preferen-
tially oriented faults through the thinned crust but not cutting previous faults. Deformation at any one time
is focused on a single fault, with successive faults cutting through crust thinned by the preceding fault,
resulting in a migrating rift center and the formation of hyperextended crust, giving rise to an asymmetric rift
system [Ranero and Pérez-Gussinyé, 2010; Pérez-Gussinyé, 2013].
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As the crust continued to extend, thin and cool, the ductile middle and lower crust became progressively brit-
tle, becoming completely brittle once the continental crust was <10 km thick, commonly referred to as
hyperextension, coupling the entire crust and enabling concave down listric faults to penetrate through to
the underlying mantle [Pérez-Gussinyé and Reston, 2001; Pérez-Gussinyé et al., 2003; Pérez-Gussinyé, 2013].
Such faults acted as conduits, allowing the hydration of the upper mantle and formation of a layer of
structurally weak serpentinized mantle [Pérez-Gussinyé and Reston, 2001]. As a result, listric faults (responsible
for hydrating the mantle) soled out into this structurally weak layer, forming a large detachment fault, known
as the S reﬂector, oriented at a low angle (<20°) [Reston et al., 2007]. In the ﬁnal stages of rifting, serpentinized
subcontinental mantle was exhumed to the seaﬂoor along the S reﬂector. Immediately seaward of the
S reﬂector is the Peridotite Ridge, which is suggested to mark the landward limit of oceanic crust [Sibuet
et al., 1995; Whitmarsh et al., 1996]. The Peridotite Ridge was sampled by ODP site 637 during ODP leg 103
and returned serpentinized mantle peridotite [Boillot et al., 1987]. At the Flemish Cap, the conjugate to the
Deep Galicia margin, data from the SCREECH 1 seismic proﬁle were used to interpret an ~50 km wide
transition zone comprised of anomalously thin oceanic crust underlain by partially serpentinized upper
mantle [Hopper et al., 2004]. These previous studies of the Iberia-Newfoundland margin suggest that the
continent-ocean transition decreases in width northward, but the oceanward limit of the transition zone
has not yet been delimited at the Deep Galicia margin.
Figure 1. (a) Bathymetric map of the North Atlantic Ocean, showing the conjugate Newfoundland and Iberia rifted margins. Inset shows the location of SCREECH
seismic lines, indicated by black lines [Funck et al., 2003; Shillington et al., 2006; Van Avendonk et al., 2006]. Red circles indicate the location of ODP boreholes. (b)
Magnetic anomaly map [Maus et al., 2009] over the Iberia rift margin. Previous seismic experiments are illustrated by grey lines, GP [Reston et al., 1996; Whitmarsh
et al., 1996], ISE [Sawyer et al., 1997], IAM [Pickup et al., 1996; Dean et al., 2000], and CAM144 [Chian et al., 1999]. Picks of isochron C34 are shown as white circles
[Klitgord and Schouten, 1986]. White dashed line represents the interpreted location of magnetic anomaly M0 [Srivastava et al., 2000], and yellow dashed line
represents the interpreted location of magnetic anomaly M3 [Whitmarsh and Miles, 1995]. Red dashed lines represent the location of the interpreted J anomaly
[Beslier et al., 1993]. (c) Map of the Galicia 3-D seismic experiment. ODP Leg 103 sites are indicated by red circles [Boillot et al., 1987]. ISE-1 shooting proﬁle is indicated
by a green line; ISE-1 OBH are illustrated by blue triangles [Zelt et al., 2003]. WE-1 shooting proﬁle is illustrated by a red line; large black circles indicate the location of
WE-1 OBS/H.
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3. Data Acquisition and Processing
3.1. Galicia 3D and the Iberia Seismic Experiment—Wide-Angle and Reﬂection Data Sets
The Galicia 3-D project was a joint multichannel seismic (MCS) reﬂection and wide-angle seismic experiment
performed between 1 June 2013 and 2 August 2013. The 3-D multichannel reﬂection seismic data were
recorded over an area of 65 × 25 km by the R/VMarcus G. Langseth, while an array of 72 ocean bottom seism-
ometers and hydrophones (OBS/H), from the UK Ocean Bottom Instrumentation Facility (OBIF) [Minshull et al.,
2005] and GEOMAR, Helmholtz Centre for Ocean Research (GEOMAR), recorded wide-angle seismic arrivals.
This survey area, referred to here as the 3-D box, encompasses geologic features of interest such as the S
reﬂector detachment fault, hyperextended continental crust, and the Peridotite Ridge.
The focus of this paper is on a 2-D seismic line, a subset of the Galicia 3-D data set, which runs through the 3-D box
and extends an additional ~90kmwestward (Figure 1c); the entire length of which is 157 km and is referred to as
Western Extension 1 (WE-1). Thirty-two OBS/H were deployed on the WE-1 multichannel seismic proﬁle, which is
coincident with the western limit of the Iberia Seismic Experiment seismic line 1 (ISE-1) (Figure 1c) [Sawyer et al.,
1997; Zelt et al., 2003]. The easternmost section of WE-1 consisted of 17 instruments within the 3-D box, spaced
densely at ~1.7 km intervals, with the intention to produce a high detail 2-D velocitymodel of the seismic structure
above and below the S reﬂector. The central section of WE-1 comprised nine OBS, spaced at distances of ~3.4 km,
covering the Peridotite Ridge and the sedimentary basins on its western and eastern ﬂanks. The western section
of WE-1 comprised six OBS, spaced ~9.7 km apart. The intention of this western section was to produce seismic
images and a velocity model westward of the Peridotite Ridge, in order to resolve the nature of basement and
potentially identify the landward limit of oceanic crust. OBIF and GEOMAR instruments record at a frequency of
250Hz and 200Hz, respectively. Two of the 32 OBS were not retrieved, while another three instruments returned
no usable data. The seismic source comprised two 3300 cu. in. (54 liters) air gun arrays, towed at a depth of 9m. A
total of 2727 shots were recorded alongWE-1. Within the 3-D box the two gun arrays were ﬁred alternately every
37.5m (a shot interval of ~16 s), for high-resolution 3-D reﬂection imaging. Outside the 3-D box, the source for the
2-D line was a single 3300 cu. in. (54 liters) gun array ﬁred every 150.0m (an interval of ~64 s), with the aim of yield-
ing wide-angle data with a higher signal-to-noise ratio, for the purpose of tomography modeling.
Several other data sets have been collected at the Galicia margin, most notably the Iberia Seismic Experiment
(ISE) data set, collected in 1997, which consists of wide-angle andMCS data [Sawyer et al., 1997; Zelt et al., 2003].
ISE-1 is a 2-D proﬁle, coincident with the eastern section of WE-1; the western limit of the shooting line termi-
nates 10 kmwest of the Peridotite Ridge and extends 335 km eastward (Figure 1b). Eight OBH from this study lie
along the eastern section of WE-1, spaced 4–10km apart (8 km on average). During the ISE-1 proﬁle, shots from
an 8385 cu. in. (137 liters) gun array were ﬁred every 60 s, approximately 4 times the interval of the shots within
the 3-D box of Galicia 3-D experiment. A larger source array and greater shot interval in the ISE experiment pro-
duced seismic records with higher signal-to-noise ratio (Figure 2), enabling travel time picks to greater offset
and thus improving the depth of tomographic imaging within the 3-D box. For these reasons, the ISE-1 data
were used to complement the WE-1 data set. The ﬁnal tomography modeling utilized a total of 34 OBS/H.
3.2. Data Processing
For each instrument, clock drifts were determined and corrected for using GPS-synchronized clocks. OBS/H
were relocated to adjust for any variation in the deployment position during the ~5 km descent through
the water column. The relocation procedure minimized the least squares misﬁt between the observed direct
water wave arrival to each instrument and those calculated for depths determined from bathymetry
collected during the Galicia 3-D survey. On average each instrument was relocated by 315m. Within
the 3-D box there is a low signal-to-noise ratio (Figure 2), which is a result of poorly attenuated noise in
the water column from the previous shot. In order to improve the signal-to-noise ratio, a minimum phase
Ormsby band-pass ﬁlter (2-4-8-16 Hz) was applied to all receiver gathers.
4. Data Analysis
4.1. Phase Identiﬁcation and Picking
In order to build a compressional velocity model of WE-1, the Pwave arrivals through the subsurface must be
correctly identiﬁed. These arrivals were best observed on the hydrophone channel of the OBS/H, and there-
fore, this channel was used for travel time picking. Conﬁdent identiﬁcation of refracted and reﬂected arrivals
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through postrift sediments is made difﬁcult by the depth of the seaﬂoor (4.2–5.3 km), a thin sedimentary cover
along the seismic proﬁle (<1.0–2.0 km), and interference fromhigh-amplitude earlier seismic arrivals. Where sedi-
ment refractions were identiﬁed, they have apparent velocities up to 3.0 kms1. We identiﬁed and picked 758
sediment refraction picks and 655 reﬂection picks from a prominent intersedimentary reﬂector. Crustal refrac-
tions east of the Peridotite Ridge have apparent velocities >4.5 kms1 and highly varied travel time arrivals
owing to extreme basement topography (rotated fault blocks). A reduction velocity of 8 kms1 was applied to
help correlate the boundary between crustal and mantle arrivals, with mantle arrivals appearing horizontal in
reduced data sections (Figure 3). However, beneath the S reﬂector the mantle is serpentinized, which results
in mantle arrivals with apparent velocities varying from ~6.0 kms1 to ~8.0 kms1. West of the Peridotite
Ridge all instruments, excepting 73, exhibit seismic arrivals with apparent velocities>7.0 kms1 arriving at short
offsets of 13.0 km or less. Between these high-velocity arrivals and the direct arrival, limited linear refractions with
apparent velocities of 4.5 kms1–5.0 kms1 are observed. We assume that the apparent velocity of 4.5 kms1 is
associated with the top of the reﬂective basement. The travel times of these high-velocity seismic arrivals show
high lateral variability, which correlates strongly with the basement topography observed in the seismic reﬂec-
tion data. First-arrival travel times observed west of the Peridotite Ridge quickly reach apparent velocities of
>7.0 kms1, with little evidence of velocities indicative of continental crust; we refer to these as basement
arrivals (Pb). We identiﬁed and picked 9517 ﬁrst-arrival travel times from prominent seismic refractions through
the crust, basement, and mantle (e.g., Pg, Pb, and Pn). The velocity contrast between thin continental crust and
underlying mantle at the S reﬂector generates reﬂections that are considered to be PmP arrivals. A total of 1187
near-vertical reﬂections from the S reﬂector (PmP) were identiﬁed and picked after the direct arrival, without the
application of a band-pass ﬁlter; band-pass ﬁltering causes the coda from the direct arrival and other arrivals to
coalesce with the S-reﬂection coda, prohibiting accurate identiﬁcation.
Picking uncertainties are assigned for each data set, based on the inspection of individual traces and their
offset from the recording OBS/H. Table 1 details the pick uncertainty, relative to offset, assigned to each data
set and the average pick uncertainty.
4.2. Sedimentary Arrivals
A lack of clear refraction and reﬂection arrivals from the sedimentary layering resulted in a tomographic inversion
with little constraint in the postrift sedimentary layers, a lack of deﬁnition at the top of the basement, and a sparse
Figure 2. Data comparison between Galicia 3-D OBS (43) and ISE-1 OBH (104), highlighting the additional noise introduced
by a suboptimal shooting in interval (~16 s) and smaller source array. These instruments are located within 1.3 km of one
another and should exhibit seismic arrivals from common subsurface structure.
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resolution of sedimentary velocities. Therefore, for the sediment cover alongWE-1, we developed a forwardmodel
using the code of Zelt and Smith [1992]. This model utilizes top basement depths from the MCS images of Dean
et al. [2015], reﬂected arrivals from the top of basement, a consistent intersedimentary layer boundary, and limited
refracted arrivals from the lower sedimentary layer. We assumed that seismic velocities are laterally homogeneous
along the proﬁle. Model layers and their associated velocities were adjusted to minimize the misﬁt between
calculated and observed travel times. The ﬁnal sediment velocity model (Figure 4) has a RMS travel time misﬁt
of 67ms and a chi-square (χ2) value of 1.38. Sediment velocities in the upper layer increase from 2.0 to 2.1 kms1,
while in the bottom layer these velocities increase from 2.3 to 2.6 kms1.
4.3. Basement Arrivals
Tomographic modeling of crustal structure was performed using “TOMO2D,” the joint reﬂection and refraction
inversion algorithm of Korenaga et al. [2000]. This method allows the determination of a 2-D velocity ﬁeld by
simultaneous inversion of both ﬁrst-arrival travel times and later reﬂected arrivals from a geological interface.
The iterative tomographic inversion process requires an input velocity and interfacemodel and observed refraction
and reﬂection travel times.
Figure 4. Sediment velocity model. (top to bottom) Raypaths of intersedimentary reﬂections, raypaths of refractions
through the lower sedimentary layer, raypaths of basement reﬂections, and ﬁt of calculated travel times (colored points)
with observed travel times (black points).
Table 1. Travel Time Picking Uncertainties Assigned to the WE-1 and ISE-1 Data Sets and the Average Picking Uncertainties
Data Set Pick Uncertainty (Relative to Instrument Offset) Average Pick Uncertainty
WE-1 (16 s) 40ms + 1.5ms/km ±60.0ms
WE-1 (64 s) 30ms + 1.0ms/km ±54.9ms
ISE-1 30ms + 0.5ms/km ±44.6ms
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The input velocity model is deﬁned by a sheared mesh which hangs from the seaﬂoor bathymetry. Model cell
size is 250m in the horizontal direction, while the vertical size increases from 25m directly below the seaﬂoor
to 250m at the base of the model at 15 km depth. We used the sediment velocity model from forward mod-
eling to deﬁne the shallow structure in the input model, below which velocity smoothly increases from
4.5 km s1 (below the top of reﬂective basement) to 8.3 km s1 at 12.5 km model depth and 8.4 km s1 at
15.0 kmdepth. The velocity of 4.5 kms1 at the top of basement was chosen based on observations of refracted
arrivals observed on instruments west of the Peridotite Ridge. In this model the S reﬂector is treated as the
Moho, and a ﬂoating reﬂector, representing the surface of the S reﬂector, is arbitrarily deﬁned as a horizontal
line at a depth of 7 km, with node spacing of 250m. Extensive parameter testing was undertaken in order to
ﬁnd the simplest, geologically reasonable model with low travel time misﬁt to the observed data. From these
results we selected horizontal correlation lengths that increase from 2.0 km at the seaﬂoor to 4.0 km at the base
of the model and vertical correlation lengths increasing from 0.5 km at the seaﬂoor to 1.0 km at the base of the
model. A depth-weighting kernel of 0.2 was selected to favor velocity perturbations over interface depth per-
turbations. Sedimentary velocities were allowed to vary through the inversion process. Travel time pick andmis-
ﬁt statistics for the ﬁnal 2-D velocity model (Figure 5) are detailed in Table 2. No individual instrument has a RMS
travel time misﬁts exceeding 98ms. Individual travel time misﬁts rarely exceed 200ms and exhibit a signiﬁcant
reduction in travel time misﬁt between the input and ﬁnal velocity models (Figure 6).
Figure 5. (top) Input velocity model to the TOMO2D joint inversion process. Solid black line represents the arbitrary surface
representing the S reﬂector. (bottom) Final TOMO2D velocity model after 10 inversion iterations. Solid black line represents
themodiﬁed S reﬂector after the inversion process. White inverted triangles illustrate the location of ocean bottom instruments
used in this inversion process; a selected number of instruments are labeled. Black vertical lines of varying thickness and dashes
indicate the location of 1-D velocity proﬁles illustrated in Figure 12. Plots have a vertical exaggeration of 4.5.
Table 2. Misﬁt Statistics of the Inverse Tomography Modeling
Travel Time Picks RMS Travel Time Misﬁt Chi-Square (χ2)
Overall 10,717 53ms 0.97
Refracted arrivals (Pg, Pb, and Pn) 9,530 55ms 1.01
S-reﬂection arrivals (PmP east) 1,187 31ms 0.65
PmP arrivals (PmP west) 100 65ms -
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4.4. Resolution and Accuracy
Tomography modeling produces a non-
unique velocity model, with uncertainty
introduced from travel time picking, the
input velocity model and the model
parameterization. Therefore, it is critical
to assess the resolution and accuracy of
the ﬁnal velocity model.
4.4.1. Derivative Weight Sum
Ray coverage through the ﬁnal velocity
model is represented by the derivative
weight sum (DWS). There is an excellent
ray coverage east of the Peridotite
Ridge (95–150 km) at depths between
6 and 10 km (Figure 7), encompassing
the S reﬂector. Moderate ray coverage is
observed west of the Peridotite Ridge
(20–95km) at depths of 6–10km. Below
10km depth the ray coverage is often
moderate to poor, with many of the
model cells being sampled solely by uni-
directional raypaths. High derivative
weight sums west of the Peridotite
Ridge are observed at a depths between
12.0 and 12.5 km and show rays travelling through a limited range of depths. These rays come solely from instru-
ments 38 and 40, east of the Peridotite Ridge, which have RMS travel timemisﬁts of 37ms and 81ms, respectively.
4.4.2. Monte Carlo Uncertainty Analysis
Monte Carlo uncertainty testing [Korenaga et al., 2000] enables us to assess quantitatively the uncertainty associated
with the ﬁnal compressional velocitymodel. Uncertainty in the velocitymodel arises from a combination of error in
data picking, the starting model used, and the geometry and execution of the seismic experiment [Zhang and
Toksöz, 1998; Sallarès et al., 2011]. For our compressional velocity model we performed 100 inversion realiza-
tions, which required the generation, and tomographic inversion, of 100 randomized input velocity models,
randomized reﬂector depths, and “noisy” travel time data sets. Input velocity models were generated
by randomizing the original input model by ±5% the original velocities, resulting in velocities of
±0.10 km s1 at the top of the sedimentary layers, ±0.23 km s1 at the top of reﬂective basement, and
±0.42 km s1 at the base of the model. The depth of the input reﬂector, representing the S reﬂector,
was randomized by ±2.0 km. Noisy travel time data sets were generated by adding randomized timing
errors, including a common receiver error (±half the maximum receiver error, with a maximum of ±58ms)
and picking errors (±half the individual pick error) [Zhang and Toksöz, 1998; Korenaga et al., 2000]. Then,
the tomographic inversion was repeated for randomized velocity model, reﬂector depth, and noisy travel
time data set triples, using the same inversion parameters which generated the ﬁnal velocity model (Figure
5). The mean deviation of all 100 realizations can be interpreted as a statistical measure of the uncertainty
in the averaged velocity model (Figure 8) [Tarantola, 1987]. Through a large area of the model the velocity
uncertainty is observed to be <±100ms1. East of the Peridotite Ridge there are lobes of higher-velocity uncer-
tainty, with themost prominent reaching ±~150ms1 and corresponding to the high-velocity lobe directly below
the S reﬂector, between proﬁle distances of 120 and 125 km.West of the Peridotite Ridge, a zone of low uncertain-
ties (<±50ms1) between 30 and 75km proﬁle distance underlies higher uncertainties (±50–100ms1) at the
top of the basement and extending to depth between 75 and 85km proﬁle distance.
4.4.3. Checkerboard Testing
Checkerboard tests (Figure 9) enable us to determine quantitatively the scale of resolvable structure in the
ﬁnal velocity model [Zelt and Barton, 1998]. Sinusoidal velocity perturbations of ±5% were introduced in a
checkerboard pattern to create reference models. Rays were traced through these reference models using
a forward ray tracing method and the same shot-receiver geometry as the original inversion, producing
Figure 6. Travel time misﬁt between the observed seismic travel times
and the calculated travel times through the (top) input and (bottom)
ﬁnal compressional velocity models. Travel time misﬁt is plotted against
absolute offset from the recording instrument as black points.
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synthetic travel times through each reference model. Random timing errors were added to these synthetic
travel times, as described in the previous section, and were then inverted with the original model inputs
and parameters [Zhang and Toksöz, 1998; Korenaga et al., 2000]. The differences between these inversion
results and the ﬁnal velocity model were used to determine the length scale of structure resolved in the ﬁnal
velocity model.
Figure 7. Derivative weight sum of seismic rays traced through the TOMO2D velocity model. Higher DWS values indicate
areas where a higher density of rays has sampled model cells. Thick black line is the S reﬂector. Vertical dashed line
indicates the axis of the Peridotite Ridge. Black inverted triangles illustrate the location of ocean bottom instruments.
Selected instrument numbers are indicated. Plots have a vertical exaggeration of 4.5.
Figure 8. Monte Carlo uncertainty test results. (top) Average velocity model from the 100 model realizations. Thick black
line illustrates the average S-reﬂector surface. (bottom) Velocity uncertainty of the average velocity model. Uncertainty is
taken as one standard deviation of the 100 model realizations from the average velocity model. Gray envelope represents
the range of all resolved S-reﬂection surfaces. Black inverted triangles illustrate the location of ocean bottom instruments.
Plots have a vertical exaggeration of 4.5.
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Large-scale anomalies (25 km×5 km) appear to be well resolved throughout the model at depths of 5–10 km,
with the exception of the western and eastern limits, where the model is resolved by unidirectional raypaths.
West of Peridotite Ridge (95 km proﬁle distance), resolution below 10 km depth is poor for anomalies smaller
than 25 km×5 km, likely as a result of the limited ray coverage at this depth and the unidirectional rays from
instruments 38 and 40. Anomalies below 10 km, east of the Peridotite Ridge, are recovered to a greater
degree than those westward but are not as well resolved as those at shallower depths. Small-scale anomalies
(10 km×2.5 km and 5 km×2 km) are well resolved throughout the model to depths of 10 km, with the excep-
tion of anomalies at 80–90 km proﬁle distance, where a gap in the seismic proﬁle has resulted in limited ray
coverage in this region. Resolution of small-scale anomalies is excellent above the S reﬂector, where ray cov-
erage is densest, with the boundaries between tiles of opposite anomaly polarity exhibiting a reasonable
match between the input and recovered velocity anomalies (Figure 7). The results of these checkerboard
tests give conﬁdence to the interpretation of large, basement-scale velocity features west of the Peridotite
Ridge, as well as the interpretation of smaller structures on the 5.0×2.5 km scale, associated with the S reﬂector
and continental hyperextension east of the Peridotite Ridge.
4.5. Moho Reﬂections West of the Peridotite Ridge
Limited but clear reﬂected arrivals were observed at short offsets (mostly after the direct water arrival) in the recei-
ver gathers of the four westernmost instruments (Figure 10), west of the Peridotite Ridge. One-hundred clear PmP
Figure 9. Checkerboard resolution test results. (top) Input velocity anomalies for the 25 × 5 km checkerboard in order
to demonstrate the boundaries between cells. Recovered velocity anomalies from the checkerboard tests are below.
(second from top to bottom) The anomaly dimensions are 25 × 5 km, 10 km × 5 km, 10 km × 2.5 km, and 5 km × 2.5 km,
horizontally and vertically, respectively. Vertical dashed line indicates the axis of the Peridotite Ridge. Plots have a
vertical exaggeration of 4.5.
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picks were identiﬁed from the receiver gathers of these four instruments (using an Ormsby band-pass ﬁlter of 1-2-
20-40Hz). In order to model the approximate depth of this interface, the PmP travel time picks were added to the
travel time picks from modeling in section 4.3 and inverted with TOMO2D, using the same parameter set and
input models. Locally, the same horizon which deﬁned the initial S reﬂector (7 km depth throughout the initial
model) was adjusted in depth through the tomographic inversion, in order to match the modeled and observed
PmP reﬂection travel times (Figure 10). A RMS misﬁt of 65ms was achieved for these arrivals (Table 2).
These PmP arrivals are observed after basement reﬂections in the seismic receiver gathers (Figure 10) and
must represent a velocity discontinuity. Such a discontinuity is not expected within serpentinized mantle,
and if it were a midcrustal discontinuity, we would expect to see a Moho reﬂection beneath. Therefore, we
interpret these arrivals as reﬂections from the base of a thin crustal layer.
4.6. Gravity Model
Conversion of the ﬁnal velocity model to density, using empirical velocity-density (Vp-ρ) relationships, enables the
calculation of the free-air gravity anomaly along the WE-1 proﬁle [Brocher, 2005]. Comparison of this calculated
anomaly with shipborne gravity observations permits validation of our velocity model and can highlight areas
where the model may be unreliable or where there is signiﬁcant out-of-plane structure. To avoid edge effects,
the velocity model was extended eastward, westward, and to a depth of 25 km. The tomographic velocity
model for the coincident ISE-1 seismic proﬁle [Zelt et al., 2003] was incorporated into our model and extends
an additional ~250 km eastward (domain B, Figure 11). West of the WE-1 seismic proﬁle there are no available
geophysical or geological constraints, so the 1-D velocity structure at 30 kmmodel distance was extrapolated
to 200 km (domain C, Figure 11). Mantle velocities (8.0 km s1) below the WE-1 model and domain C were
extended to 25 km depth in order to match the depth of the ISE-1 velocity model (domain D, Figure 11).
We used an assumed density of 1.03 g/cm3 for the water column (<1.55 km s1) and 3.30 g/cm3 for the man-
tle (≥8.0 km s1). Velocities within these bounds were converted to densities using the empirical Nafe-Drake
relationship of Ludwig et al. [1970]. This relationship is most accurate when converting the compressional
velocities of water-saturated sediment to density but also provides a good ﬁrst-order approximation of non-
mantle rock densities [Brocher, 2005].
Figure 10. Modeled depth of the Moho from limited PmP arrivals on instruments 73, 74, 75, and 76, west of the Peridotite
Ridge. (top) Receiver gathers from instrument 74; green bars indicate the PmP travel time picks and their associated uncer-
tainties, blue squares indicate the modeled travel times through the velocity model, and red line illustrates the wide-angle
basement reﬂection. (bottom) Final compressional velocity model, limited to 30–70 km proﬁle distance, illustrating the
resolved Moho boundary. The location of M0 (vertical white dashed line) is as interpreted by Srivastava et al. [2000].
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Free-air gravity anomalies (FA) were calculated by summing the gravity anomaly of each model cell, approxi-
mated as an inﬁnite cuboid out of plane, with a density contrast to a background density of 3.3 g/cm3
(Figure 11). A clear regional trend is observed in the difference between the calculated and observed free-air
gravity anomaly, likely rising from deeper mantle structures or assumptions made in creating the extended
density model. To correct for this regional trend, a linear trend was ﬁt to this difference and subtracted from
the calculated free-air gravity anomaly. This linear trend shows a decrease of 0.2mGal/km oceanward.
Without this correction the model had a RMS misﬁt to the observed anomaly of 8.0mGal, decreasing to
2.7mGal after the trend removal, which is comparable to typical shipborne gravity uncertainties [Bell and
Watts, 1986]. Therefore, gravity data provide further support for our crustal velocity model.
5. Discussion
The ﬁnal TOMO2D velocity model (Figure 5) enables the interpretation of many distinct features including the
S reﬂector east of the Peridotite Ridge; rotated and thinned continental blocks topped with synrift and prerift
sediment; thickening continental crust at the eastern end of the WE-1 proﬁle; the Peridotite Ridge, which
reaches the seaﬂoor in the center of the proﬁle; a relatively homogeneous basement west of the Peridotite
Ridge; and a sparsely sampled Moho interface at shallow depths. To investigate these features in greater
detail, we divide the proﬁle into two parts bounded by the Peridotite Ridge.
5.1. West of the Peridotite Ridge
5.1.1. Velocity Model and Data Features
Receiver gathers from the instruments west of the Peridotite Ridge bear a strong resemblance to those from
the IAM-9 seismic line, situated over the zone of exhumed continental mantle in the southern Iberia Abyssal
Plain [Dean et al., 2000]. Apparent velocities >7.0 km s1 at short offsets are indicative of mantle or
Figure 11. Results of the gravity modeling. (top) Small black dots illustrate the misﬁt between observed and calculated
free-air gravity anomalies; black line shows the linear trend ﬁtted to this misﬁt, which represents the regional gravity
trend. (middle) Black line shows the observed shipborne free-air gravity anomaly, small red circles show the calculated free-
air gravity anomaly, and large blue circles show the regionally corrected free-air gravity anomaly calculations. (bottom)
Extended density model. Region A is the density model converted from the ﬁnal TOMO2D velocity model. Region B is the
density model converted from the compressional velocity model of Zelt et al. [2003]. Region C is an extrapolation of the 1-D
density proﬁle from 30 km proﬁle distance. Region D is an extrapolation of mantle densities to 25 km depth in order to
match the depth of region. Plot has a vertical exaggeration of 9.
Journal of Geophysical Research: Solid Earth 10.1002/2016JB012825
DAVY ET AL. CONTINENT-OCEAN TRANSITION AT THE DEEP GALICIA MARGIN 3190
serpentinized mantle at shallow depths, while a lack of deep and clear PmP phase arrivals indicates the
absence of full thickness oceanic crust (7 km thick) along the proﬁle. However, sparse Moho reﬂections iden-
tiﬁed after the direct arrival, on the four western most instruments, indicate the presence of an anomalously
thin crust (Figure 10). We interpret this crust as oceanic because it appears highly magnetized [Sibuet et al.,
1995] and its seismic reﬂection characteristics differ markedly from those of thinned continental crust further
east of the Peridotite Ridge [Dean et al., 2015].
The ﬁnal TOMO2D velocity model (Figure 5) shows that west of the Peridotite Ridge the basement velocity
structure is relatively homogenous between 40 and 90 km model distance. There is slight variation in the
velocities in what is interpreted as the top of basement, with lower velocities of 4.0 km s1 at 30–52 kmmodel
distances and higher velocities of 5.0 km s1 at 55–75 km model distance. The 7.5 km s1 velocity contour
typically lies at round 12 km depth but rises to shallower depths of 9 km and 10 km at proﬁle distances of
40 km and 65 km, respectively. At the western limit of themodel (<30 km), velocity contours have amore uni-
form spread and vary little from the input velocity model. Modeled PmP reﬂections reveal a thin oceanic layer
that thickens seaward, from 0.5 km thick at 67 km proﬁle distance to 1.5 km thick at 36 km proﬁle distance
(Figure 10). No clear PmP arrival can be identiﬁed on instrument 78, which suggests that the oldest oceanic
crust lies between instruments 76 and 78 (64 km and 83 km proﬁle distance, respectively). Many of the
seismic arrivals from this thin oceanic layer are masked by the direct water arrival and ﬁrst arrivals from
the shallow underlying mantle and therefore cannot be resolved using ﬁrst-arrival travel times alone.
At its thinnest, the interpreted oceanic crustal layer has velocities between 4.5 and 5.5 kms1, and at its thickest
has velocities between 4.0 and 6.5 kms1. Because theMoho velocity discontinuity has been smoothed out, these
maximum velocities may be overestimated. Velocities of 4.0–6.5 kms1 are consistent with those commonly
observed in oceanic layer 2 [White et al., 1992]. Variations in the thickness of oceanic crust are commonly attributed
to variations in the thickness of oceanic layer 3, while layer 2 typically remains constant [Mutter and Mutter, 1993].
These observations lead us to conclude that oceanic layer 3 is absent in the oceanic crust modeled along WE-1.
5.1.2. Velocity Proﬁles
One-dimensional velocity proﬁles through the velocity model west of the Peridotite Ridge give further insight
into the nature of the unidentiﬁed basement (Figure 12). All of the 1-D velocity proﬁles exhibit two distinct
velocity trends, below the top of basement, which are identiﬁed based on their common velocity gradients.
The upper trend extends to depths of 2.8–3.5 km below top basement. Velocities smoothly and rapidly
increase from ~4.5 km s1 to 7.3–7.6 km s1 in this layer, and present velocity gradients ranging between
0.8 s1 and 1.2 s1, with an average velocity gradient of 1.0 s1. Despite Moho reﬂections being identiﬁed
and modeled within this depth range, no corresponding velocity discontinuity is present in our model,
because the TOMO2D inversion produces a smooth velocity model. Below this top trend, compressional velo-
cities smoothly increase toward mantle velocities of 8.0 km s1 and with a much lower velocity gradient of
0.14 s1 on average. These thicknesses and velocity gradients are nearly identical to those observed by
Dean et al. [2000] in the zone of exhumed continental mantle in the southern Iberia Abyssal Plain and are con-
sistent with a decreasing serpentinization of mantle material with depth [Carlson and Miller, 2003]. In our
model, where Moho reﬂections are not observed and exhumed mantle is interpreted (e.g., east of instrument
76; Figure 13), velocities of 4.6 km s1 at the top of basement correspond to 100% serpentinization of mantle
material, decreasing to <20% at depths of 2.8–3.5 km below top basement [Carlson and Miller, 2003].
Velocities at depths >2 km below the top basement sit outside the envelope for all ages of Atlantic oceanic
crust but agree strongly with the velocities observed within zones of transitional crust at both the southern
Iberia Abyssal Plain and Newfoundland margins (Figure 12). Velocities from our model also agree with the velo-
city proﬁles through themodels of thin oceanic crust, overlying serpentinized mantle, observed along GP101 at
the Deep Galicia margin and SCREECH-1 at the conjugate Flemish Cap margin (Figure 12) [Whitmarsh et al.,
1996; Funck et al., 2003; Hopper et al., 2004]. These velocity models are derived by forward ray tracing of seismic
arrivals through discrete crustal layers, resulting in velocity jumps at layer boundaries, while our tomographic
model produces a smooth velocity transition with depth. Seismic velocities reach 8 kms1 corresponding to
unaltered mantle material, at around 6 km below the top of basement in our model, which is consistent with
other studies of exhumed and serpentinized peridotites at rifted margins (Figure 12).
From the velocity and seismic characteristics west of the Peridotite Ridge, we interpret that there is<25 km of
exhumed mantle (between the Peridotite Ridge and instrument 76; Figure 13), before the onset of thin
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oceanic crust overlying serpentinized mantle material. This thin oceanic layer thickens oceanward but does
not reach full thickness within our resolved velocity model. This interpretation is broadly consistent with pre-
vious interpretations of thin oceanic crust abutting the Peridotite Ridge and overlying serpentinized mantle
[Sibuet et al., 1995; Whitmarsh et al., 1996]. However, Whitmarsh et al. [1996] used data from only three OBS
along a 150 km long margin-normal seismic proﬁle and from three OBS along an 80 km long margin-parallel
proﬁle. The authors from this study did not identify PmP arrivals from the base of the anomalously thin ocea-
nic crust, while PmP arrivals from the base of full thickness oceanic crust (parallel to margin) were clearly iden-
tiﬁed only on one of the instruments west of the Peridotite Ridge. Our model shows a layer, identiﬁed by its
constant velocity gradient, with a thickness of 2.8–3.5 km. This thickness is very similar to that of the thin
oceanic crust described by Whitmarsh et al. [1996] and also correlates well with the layer of scattered reﬂec-
tivity identiﬁed by Dean et al. [2015] (Figure 13). However, the base of this layer does not coincide with the
Moho depths determined from limited PmP arrivals in our model and probably represents a change in the
nature of mantle serpentinization below the thin oceanic crust.
Our interpretation of an anomalously thin oceanic crust is consistent with observations of thin oceanic crust
at other ultraslow spreading environments. Seismic refraction studies at the Gakkel Ridge (<10mm/yr full
spreading rate) have revealed oceanic crust 1.4–2.9 km thick, with little to no evidence of oceanic layer 3,
overlying partially serpentinized mantle rock [Jokat et al., 2003; Jokat and Schmidt-Aursch, 2007]. Wide-angle
seismic data from the Southwest Indian Ridge (~12mm/yr full spreading rate) suggest the presence of an
oceanic crust which is 2.2–5.4 km thick, with serpentinized mantle rock proposed to comprise some of the
oceanic layer 3 (0.5–3.0 km thick) [Minshull et al., 2006]. Wide-angle seismic studies of the Mohns Ridge
(16mm/yr full spreading rate) also revealed the presence of a thin oceanic crust ~4 km thick, with an oceanic
layer 2 thickness of 1.4–1.7 km thick [Klingelhöfer et al., 2000]. Our new data at the Deep Galicia margin con-
tribute to the evidence that thin oceanic crust is the norm in ultraslow spreading environments.
5.1.3. Reﬂection Imaging
Dean et al. [2015] identify and describe themorphology of ﬁve ridge like basement structures in the reﬂection
seismic images along WE-1 west of the Peridotite Ridge (indicated by R1–R4 in Figure 13). Unlike the reﬂec-
tion imaging of continental crust east of the Peridotite Ridge, west of the Peridotite Ridge the reﬂection data
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Figure 12. The 1-D velocity proﬁles through the ﬁnal TOMO2D velocity model (Figure 5). Light blue shading indicates the
depths at which the Moho, below oceanic crust, is identiﬁed. (left) The 1-D velocity proﬁles compared to the velocity
envelope for Atlantic oceanic crust aged 59–170Ma [White et al., 1992]. (middle) The 1-D velocity proﬁles compared to the
velocity envelope for velocity models within the COT from previous studies, as compiled byMinshull [2009]. (right) The 1-D
velocity proﬁles compared with velocity proﬁles through thin oceanic crust on the SCREECH-1 compressional velocity
model of Funck et al. [2003] (green dashed lines) and the GP101 model of Whitmarsh et al. [1996] (red dashed line).
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exhibit scattered reﬂectivity and a diminished presence of coherent structural reﬂections within the base-
ment. Ridges 1–3a exhibit an asymmetric structure with limited elevation above the surrounding basement
topography, have little internal structure, and smooth to subangular basement expression. Ridges 3b and 4
are symmetric in structure, with smooth surfaces that rise high above the surrounding basement topography.
The rough, or hummocky, morphology of ridges 1–3a is consistent with the accretion of magmatic crust at
ultraslow spreading ridges, such as that seen along sections of the Southwest Indian Ridge [Cannat et al.,
2006]. Conversely, smooth basement ridge structures, like that of ridges 3b and 4, are also observed in areas
of the Southwest Indian Ridge and are interpreted to be the exhumation and exposure of altered mantle-
derived rocks [Cannat et al., 2006]. Dean et al. [2015] proposed a synthesis model for the generation of these
ridges, suggesting that ridges 1–3a were formed through mantle exhumation and interspersed magmatism,
while ridge 4 resembles an oceanic core complex (OCC). Our results support the interpretation of ridges 1–
3a as magmatic in origin and that this magmatic layer overlies serpentinized mantle. High P wave velocities
are expected at shallow depths in oceanic core complexes, due to presence of gabbro or ultramaﬁc material
(~6.0 kms1 and >7.5 km s1, respectively) [Blackman et al., 2009]. Velocity modeling of OCC at the Atlantis
Platform on the Southwest Indian Ridge revealed P wave velocities of 5.8 kms1 at the seaﬂoor, increasing
to 6.5 km s1 at 1.4 km depth [Muller et al., 2000]; at the Parece Vela Basin, in the Philippine Sea, P wave veloci-
ties of 6.0 kms1 were modeled at depths of 500m [Ohara et al., 2007], and at 26°N along the Mid-Atlantic
Ridge P wave velocities are modeled as 4.0 kms1 at the seaﬂoor, increasing to 7.0 km s1 within 1 km below
[Canales et al., 2007; Sohn et al., 2007]. These velocity structures are markedly different to that resolved at ridge
4 alongWE-1, where Pwave velocities increase from 4.0 kms1 at the seaﬂoor to 6.0 kms1 (i.e., seismic velocity
of gabbro) ~2.7 km below, which is signiﬁcantly deeper than the previously described OCC. Therefore, our data
do not support the interpretation that this ridge is an oceanic core complex. We suggest that all of these ridge
features are formed through magma-limited accretion of thin oceanic crust.
5.1.4. Conjugate Margin
Thin oceanic crust is also observed on the SCREECH-1 proﬁle at the Flemish Cap, which in many reconstruc-
tions is conjugate to both WE-1 and ISE-1. Magmatic crust, 3–4 km thick, is interpreted to have been accreted
in direct contact with the termination of extended continental crust, deﬁning a sharp COT [Hopper et al.,
2004]. This initial oceanic crust is highly faulted, with rotated fault blocks, bound by normal faults dipping
Figure 13. (top) Kirchhoff time-migrated multichannel seismic image of WE-1 from Dean et al. [2015]. Normal faults F3–F7,
identiﬁed on the coincident ISE-1 proﬁle by Borgmeyer [2010], are indicated east of the Peridotite Ridge with arrows. Ridge
structures, identiﬁed west of the Peridotite Ridge by Dean et al. [2015], are indicated by arrows. M0 magnetic anomaly is
indicated by a black dashed line [Srivastava et al., 2000]. (bottom) The same image overlain by the time-converted
compressional velocity model. White inverted triangles illustrate the location of ocean bottom instruments. Thick dashed
black line illustrates the time-converted S reﬂector; thick black line illustrates the areas where the Moho is sampled.
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seaward every ~1.5 km. Further seaward, oceanic crust becomes extremely thin (~1.3 km thick) and is
underlain by serpentinized mantle, much like the thin oceanic crust which we have interpreted at the
Deep Galicia margin. In the reﬂection seismic images of WE-1 (Figure 13) and its interpretation west of the
Peridotite Ridge, block-bounding faults, similar to those observed along SCREECH-1, are not imaged
[Hopper et al., 2004]. Such faults may be present but subseismic in nature and unresolved in the Kirchhoff
time migration images (Figure 13). Such faulting would provide the required mechanism to hydrate and con-
sequently enable the serpentinization of the underlyingmantle. Additionally, in the seismic reﬂection images,
there is little evidence for a strong and coherent Moho reﬂection from the base of the thin oceanic crust,
which is evidence in support of a weak velocity contrast across this boundary.
5.1.5. Dating the Earliest Oceanic Crust
A lack of linear seaﬂoor spreading magnetic anomalies and drill sites, west of the Peridotite Ridge, make it
difﬁcult to assign an age to the earliest oceanic crust seen at the Deep Galicia margin. Srivastava et al.
[2000] interpret a magnetic anomaly, west of the Peridotite Ridge, as spreading anomaly M0 (~126Ma,
according to the time scale of Gradstein et al. [2012]) (Figures 10 and 13). However, caution must be applied
to this interpretation, as Sibuet et al. [1995] ﬁt a model to the same magnetic data, showing that the topogra-
phy of a highly magnetized (5 A/m), and thin oceanic crust (~1 km), recording nomagnetic ﬁeld reversals, can
also explain the observed magnetic anomaly. Sibuet et al. [1995] also state that no magnetic ﬁeld reversals
were expected, as oceanic crust in this region formed during the Cretaceous constant polarity interval, later
than the M series of seaﬂoor spreading magnetic anomalies. Age constraints could alternatively come from
the drilling of the Peridotite Ridge, which was sampled by site 637 of IODP leg 173 (Figure 1c), and returned
serpentinized mantle peridotite intruded with amphibole diorites, gabbros, and pyroxenites [Boillot et al.,
1987]. Dating of samples from site 637, and other drill and dive sites along the deep Galicia margin, show that
the maﬁc rocks were emplaced at around 122Ma, synchronous with the end of rifting [Schärer et al., 1995;
Chazot et al., 2005]. This date is younger than that of the M0magnetic anomaly and suggests an upper bound
to the age of oceanic crust west of the Peridotite Ridge of 122Ma. This date also enables us to estimate a
spreading rate for the accretion of this oceanic crust. Site 637 is approximately 280 km from the nearest mag-
netic isochron (C34), which is the ﬁrst clear seaﬂoor spreading magnetic anomaly after the Cretaceous con-
stant polarity interval, and has an age of 84Ma [Bronner et al., 2011; Gradstein et al., 2012]. The required
half-spreading rate is 7.4mm/yr, classifying the spreading here as ultraslow, which is consistent with the
observed mantle exhumation and onset of thin oceanic crust. South of the Deep Galicia margin, at the south-
ern Iberia Abyssal Plain, the formation of oceanic crust 6–7 km thick is interpreted to have begun at 127–
125Ma, while north of the Deep Galicia margin, at the Goban Spur, a ﬁnal breakup age of 100Ma is proposed
[Gerlings et al., 2012; Minshull et al., 2014]. These breakup dates, decreasing in age from south to north, are
consistent with the observation of a northward propagating rift margin [Masson and Miles, 1984]. At the
Flemish Cap, conjugate to the Deep Galicia margin, oceanic crust is observed to have accreted just after
M0 magnetic anomaly along SCREECH-1, at around 123.5Ma, which is consistent with our interpretation
[Hopper et al., 2004; Van Avendonk et al., 2006].
5.2. East of the Peridotite Ridge
5.2.1. Comparison With Existing Models
Inversion of the WE-1 wide-angle seismic data set has yielded a velocity model east of the Peridotite Ridge
which strongly correlates with the structure observed in reﬂection imaging and the classical interpretations
of the hyperextended Deep Galicia margin (Figure 14c). Additional to the velocity model developed in this
study, two coincident compressional velocity models have previously been produced east of the Peridotite
Ridge (Figure 14). All three models have been developed using different modeling techniques. The preferred
model of Zelt et al. [2003] (Figure 14a) was developed using wide-angle and zero-offset MCS picks, from the
ISE-1 proﬁle, inverted simultaneously using the Zelt and Smith [1992] algorithm. This model utilized a priori
information by deﬁning a six-layer starting model including the water column, three sedimentary layers, a
crustal layer, and a mantle layer, constrained by MCS imaging along the ISE-1 seismic line. The model of
Bayrakci et al. [2016] (Figure 14b) is a two-dimensional slice, coincident with WE-1 and ISE-1, of a larger
three-dimensional compressional velocitymodel developed using data from the full array of instruments within
the 3-D box of the Galicia 3-D seismic experiment (see section 3). This three-dimensional velocity model was
developed using ﬁrst-arrival seismic travel times, inverted using a nonlinear iterative tomographic technique
(FAST) [Zelt and Barton, 1998]. In the following description of the structure east of the Peridotite Ridge, we
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primarily describe the results of our tomographic modeling, with comparison to those of Zelt et al. [2003] and
Bayrakci et al. [2016], which we will refer to as the ISE and Galicia 3-D (G3D) models, respectively.
Velocities in the rotated continental fault blocks, bound by normal faults (illustrated as F3–F7 in Figure 13),
and the prerift and synrift sedimentary layers above, appear to have been well resolved. The velocity struc-
ture exhibits landward dipping contours, but due to model limitations, cannot match the steep boundaries
interpreted between prerift sediment, synrift sediment, and crystalline crust layers. The tops of the fault-
bounded blocks are better deﬁned at shallow depths than in the G3D velocity model, owing to ﬁner model
cells at shallow depths in our model when compared to the G3D model, and the a priori information used in
the WE-1 input model. Velocities increase from ~3.0 km s1 at the top of synrift sediment to ~4.5 km s1 at
the top of prerift sediment, and to ~6.5 km s1 at the base of crystalline crust, directly above the S reﬂector.
Figure 14. Comparison of existing velocity models east of the Peridotite Ridge and their correlation with reﬂection seismic
interpretations. (a) Velocity model from Zelt et al. [2003] along ISE-1. (b) Slice through 3-D model of Bayrakci et al. [2016]
using Galicia 3-D data. (c) Final TOMO2D velocity model along WE-1. Horizon and fault surfaces are from interpretations of
depth-migrated images along ISE-1 in Borgmeyer [2010] and GP12 in Reston et al. [1996]. Thick solid black line is the S
reﬂector resolved by the reﬂected rays (thin black lines) from the TOMO2D inversion process. Inverted triangles are the
instruments used to resolve the S reﬂector. Plots have a vertical exaggeration of 3.
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The S reﬂector follows the 6.0–7.0 km s1 velocity contours between proﬁle distances of 112–135 km and has
an excellent match with the interpretations of depth-migrated multiseismic along GP12 and ISE-1 [Reston
et al., 1996; Borgmeyer, 2010], as well as the G3D velocity model. These velocities are interpreted to corre-
spond to ~30–60% serpentinization of mantle peridotite [Carlson and Miller, 2003]. At its eastern limit
(>132 km) the S reﬂector cuts through lower seismic velocities associated with the continental crust, before
terminating at the seaﬂoor at ~147.5 km proﬁle distance. The western limit of the S reﬂector shallows toward
the Peridotite Ridge, before terminating at 112 km.
The S reﬂector exhibits undulations along proﬁle in our tomography model, which have a moderate correlation
with the rotated continental fault blocks juxtaposed above this detachment surface in both our velocity model
and the G3D velocity model. It is possible that smoothing in the velocity model has resulted in seismic pull-up
and/or pushdown, which is observed as the undulations in the resolved S reﬂector. Below the S-reﬂector patterns
of high- and low-velocity regions are observed. The most prominent high-velocity region observed below the S
reﬂector reaches 8.0 kms1, 100m below the S reﬂector at 122 km proﬁle distance, rapidly decreasing eastward
to a zone with a velocity of 6.5 kms1 at 128 km proﬁle distance, before again increasing to 7.2 kms1 at 132 km
proﬁle distance. These velocities are interpreted to correspond to different degrees of serpentinization of the
mantle peridotite along the S reﬂector, with 8.0 kms1 being unaltered, 6.4 kms1 indicating ~45% serpentini-
zation and 7.2 kms1 representing ~20% serpentinization [Carlson andMiller, 2003]. The 6.5 kms1 velocity zone
occurs between normal faults marked as F5 and F4, and we propose that this low-velocity zone is the result of
ﬂuid transport along fault F4, resulting in the pattern of variable hydration and serpentinization of the
upper mantle along the S reﬂector [Bayrakci et al., 2016]. However, the high-velocity lobe situated at the
terminus of fault F5 is problematic for this interpretation. Movement along the S detachment could have
shifted this low-velocity zone laterally eastward, but this contradicts the idea that the velocity variation
below the S reﬂector is a result of preferential mantle hydration by fault ﬂuid transport, which occurs when
the faults are displaced. However, the G3D velocity model shows an offset in these high- and low-velocity
patterns, when comparedwith the velocitymodel from this study, with the low-velocity lobes situated downdip
of the terminus of normal faults, giving strong evidence in favor of fault-controlled mantle hydration [Bayrakci
et al., 2016]. The difference in the models could be explained by the more complete azimuthal coverage of the
G3D velocity model, enabling this structure to be resolved in the third dimension, where our 2-D model is
unable to do so. The Monte Carlo uncertainty results also show that the uncertainty of this structure in our
model is highest throughout the model, reaching ±0.15 kms1 (Figure 8). In contrast, the S reﬂector is modeled
as a seaward dipping interface, free of undulations, in the lower-resolution ISE velocity model.
The velocity within the Peridotite Ridge reaches a maximum of ~8.0 km s1 in both the model from this
study and the G3D model, indicating the presence of unaltered mantle peridotite at the center of the
Peridotite Ridge. This is a much higher velocity than modeled in the ISE model, where the maximum
velocity is 6.0–6.5 km s1. However, the velocities in our model and the G3D model form closed-contour
high-velocity blobs, with lower velocities below the Peridotite Ridge, which are difﬁcult to interpret.
At the eastern limit of the ISE model, the Moho is modeled as an abrupt velocity jump from 7 km s1 to
8 km s1 across a landward dipping horizon. The Moho is not included as a layer boundary in our tomo-
graphic model, or the G3D model, so such an abrupt velocity jump is not possible in the tomography model
of this study and that of the G3D study. However, the 7 km s1 velocity contours of both models show a
strong correlation with the Moho modeled in the ISE model.
6. Conclusions
Our ﬁnal compressional velocity model has resolved the structure of continental hyperextension, detach-
ment faulting, the Peridotite Ridge, and a thin oceanic crust overlying serpentinized mantle material. There
is a strong correlation between the structure resolved in our velocity model and that observed in coincident
seismic reﬂection data. The ﬁnal model is further validated by the close ﬁt between the observed and
calculated free-air gravity anomaly. The primary ﬁndings from this study are as follows:
1. West of the Peridotite Ridge, exhumed mantle is present over a short distance (<25 km), landward of the
onset of an anomalously thin oceanic crust (0.5–1.5 km thick), which thickens seaward. Evidence for the pre-
sence of serpentinized mantle material below this thin oceanic crust comes from seismic velocities increasing
Journal of Geophysical Research: Solid Earth 10.1002/2016JB012825
DAVY ET AL. CONTINENT-OCEAN TRANSITION AT THE DEEP GALICIA MARGIN 3196
smoothly from 5.5–6.5 kms1 to 7.3–7.6 kms1, with a velocity gradient of 1.0 s1. Below this, velocities
increase slowly into mantle velocities of ~8.0 kms1, with an average velocity gradient of ~0.14 s1.
2. We assign an upper bound to the age of the thin oceanic crust of 122Ma, based on the dating of materials
recovered from the Peridotite Ridge. This age is consistent with continental breakup progressing from
south to north along the margin.
3. The S-reﬂector detachment surface possesses undulations that correlate with the pattern of high- and
low-velocity regions below this surface. This velocity structure is interpreted to be the result of preferential
mantle hydration along normal faults, acting as conduits between the seaﬂoor and the S reﬂector.
Typically, the S reﬂector lies between the 6.0 and 7.0 km s1 velocity contours, which correspond to
serpentinization of mantle peridotite of 60–30%, respectively.
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